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[1] Vegetation water stress plays an important role in the movement of water
through the soil‐plant‐atmosphere continuum. However, the effects of water stress on
evapotranspiration (ET) and other hydrological processes at the watershed scale remain
poorly understood due in part to spatially and temporally heterogeneous conditions within
the watershed, especially in areas of mountainous terrain. We used a spatially distributed
model to understand and evaluate the relationship between water stress and ET in a
forested mountain watershed during the snow‐free growing season. Vegetation water
stress increased as the growing season progressed, due to continued drying of soils, and
persisted late into the growing season, even as vapor pressure deficit decreased with
lower temperatures. As a result, ET became decoupled from vapor pressure deficit and
became increasingly dependent on soil moisture later in the growing season, shifting
from demand limitation to supply limitation. We found water stress and total growing
season ET to be distributed nonuniformly across the watershed due to interactions between
topography and vegetation. Areas having tall vegetation and low topographic index
experienced the greatest water stress, yet they had some of the highest evapotranspiration
rates in the watershed.
Citation: Emanuel, R. E., H. E. Epstein, B. L. McGlynn, D. L. Welsch, D. J. Muth, and P. D’Odorico (2010), Spatial
and temporal controls on watershed ecohydrology in the northern Rocky Mountains, Water Resour. Res., 46, W11553,
doi:10.1029/2009WR008890.

1. Introduction
[2] Evapotranspiration is the major flux of water and
energy from vegetated land surfaces, and it is closely linked
to carbon cycling and vegetation characteristics in terrestrial
ecosystems due to the biophysical link between transpiration
and CO2 assimilation [e.g., Eagleson, 1982; Rodriguez‐
Iturbe and Porporato, 2004]. Evapotranspiration is also
an important sink for soil moisture within the root zone
[Albertson and Kiely, 2001]. When soil moisture falls below
a critical level (whether by ET or other means), vegetation
experiences water stress, the result of which is a reduced
ability to assimilate atmospheric CO2 [e.g., Guswa, 2005;
Detto et al., 2006; Emanuel et al., 2007a]. Since current
carbon stores and CO2 assimilation rates are dictated in part
by past rates of CO2 uptake [Kozlowski, 1992], the very
structure and organization of a vegetated landscape including both above and belowground vegetation contain information about historical patterns of water stress and ET. Thus,
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the ability to quantify and understand water stress and its
effects on ET within terrestrial ecosystems is important for
understanding not only hydrological processes but also the
hydrological controls on carbon cycling and on the structure
and distribution of vegetation. In areas such as the subalpine
forests of the northern Rocky Mountains, understanding how
water stress functions and affects carbon and water cycles is
very important in light of the climate‐driven trend toward
earlier snowmelts and reduced snowpacks in this region [e.g.,
Fyfe and Flato, 1999; Stewart et al., 2004; Mote et al., 2005;
Barnett et al., 2008].
[3] At larger spatial scales, water stress and ET are dependent on topography and vegetation. Topographic control of
soil moisture through patterns of drainage and connectivity
[e.g., Grayson et al., 1997; Mohanty and Skaggs, 2001] may
extend to ET and vegetation water stress through the water‐
limited processes described above. Vegetation may control
ET directly through scaling by leaf area [Zhang et al., 2001]
or it may operate on ET indirectly by affecting the aerodynamic properties of canopies [Anderson et al., 2003].
Additionally, vegetation type influences the degree of water
stress experienced by plants under a particular set of atmospheric and soil moisture conditions [Emanuel et al., 2007a].
Topography and vegetation thus interact to influence the
spatial variability of both water stress and ET, and it is
important to characterize (i.e., quantify) the spatial heterogeneity of these processes and their controls to better understand carbon and water cycling at the landscape scale.
[4] For watershed scale studies, ET has traditionally been
calculated as the residual unknown in the annual water
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Figure 1. Map of the Stringer Creek watershed showing (a) topographic index TI and (b) distribution of
vegetation heights Zveg derived from 1 m ALSM data. White circle shows location of flux tower and white
squares show locations of ancillary meteorological stations.

balance [Dingman, 2002]. Although useful for low‐resolution
studies, such estimates of ET are of little help to understanding controls on ET that act at time scales shorter than
1 year or spatial scales smaller than the watershed as a
whole. For studies over shorter time scales, flux towers have
become a common method for measuring ET directly using
techniques such as eddy covariance; however, the areal
extent of a tower footprint may or may not represent adequately the heterogeneity of topography and vegetation
within a watershed. Even where a flux tower footprint can
be assumed to approximate watershed‐wide conditions, measurements of ET will reflect average conditions within the
footprint, homogenizing the spatial variability caused by differences in topography and vegetation. Although flux towers
provide relatively reliable measurements of ET at the landscape scale (typically on the order of 1 km2 or more for
forest ecosystems, depending on vegetation height, surface
roughness, and stability of the atmospheric boundary layer),
investigations of the spatial and temporal heterogeneity of
ecohydrological processes at finer spatial scales within the
watershed (approximately 1 m2 to 1 ha) require estimates of
ET at the resolution of topographic and vegetation features
within the watershed. Moreover, whereas tree level measurements of transpiration (i.e., sap flux measurements) address
the spatial heterogeneity over subwatershed areas, scaling of
these measurements to the entire watershed remains difficult
[Ford et al., 2007; Kumagai et al., 2008], particularly in
the absence of concurrent surface evaporation measurements.
[5] Despite the important role played by ET in land surface hydrology, plant physiology, and climate dynamics, it
is unclear how interactions between plant ecophysiology
and watershed processes determine the spatial and temporal
variability of ET across multiple scales. The purpose of this
study is to understand controls on the spatial and temporal
variability of ET within a forested watershed. Specifically,
we couple a point‐based ecohydrological model of vegetation water stress with a spatially distributed hydrological
model to provide spatial and temporal descriptions of veg-

etation water stress within a catchment that allow us to
determine (1) what factors contribute to the development of
catchment‐wide water stress during the growing season in a
semiarid, montane forest and (2) what factors cause water
stress and ET to evolve and behave differently across a
vegetated watershed. By investigating the physical and
biological controls on the temporal and spatial heterogeneity
of ET during the course of a growing season, we also use
this framework to evaluate the impacts of micrometeorology, topography, and vegetation on streamflow.
[6] To investigate these controls we consider as a case
study the ecohydrologic dynamics in a subalpine forest of the
Rocky Mountains. These forests are important sinks for
atmospheric CO2 in North America [Schimel et al., 2002] and
are affected by hydrologic controls, as they lie in semiarid
climates, where spring snowmelt provides ecosystems with
most of their annual influx of water [Running, 1980; Bales
et al., 2006]. As a result these forests experience a seasonal
decline in soil moisture and, frequently, extended water stress
during the growing season. Thus, in these forests CO2 uptake
and ET are closely coupled. This coupling, combined with
seasonal patterns of moisture availability as well as mountain
topography, make these systems ideal for studying coupled
hydrological and ecological processes in a watershed context.

2. Methods
2.1. Site Description and Field Methods
[7] Data were collected during the snow‐free portion
of the 2006 growing season (22 June through 4 September
2006) within the upper Stringer Creek watershed, a heavily
instrumented, 300 ha subcatchment located in the Tenderfoot
Creek Experimental Forest (TCEF, Montana, USA; Figure 1).
The study site is a forested, subalpine watershed ranging in
elevation from 2090 to 2430 m. The watershed is dominated
by lodgepole pine (Pinus contorta) forest, but it also contains small areas (9% of the watershed) of riparian and upland
meadows and isolated areas of subalpine fir (Abies lasiocarpa)
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and Engelmann spruce (Picea engelmannii). In general, however, the watershed has been characterized as even‐aged,
low‐diversity lodgepole forest [Mincemoyer and Birdsall,
2006]. The soils are cryoboralfs with a sandy loam texture.
[8] On average, TCEF receives more than 70% of its
880 mm of mean annual precipitation as snow [McCaughey,
1996], and it experiences a relatively steady drying of soils
throughout the growing season [Riveros‐Iregui et al., 2007].
As a result, the temporal dynamics of soil moisture at TCEF
are relatively simple; the seasonal dry‐down is the dominant trend in soil moisture time series. Soils throughout the
watershed transition from relatively wet at the beginning of
the growing season to relatively dry at the end. This trend,
combined with the relatively simple and uniform ecological structure of the site, makes TCEF well suited for our
investigation.
[9] Long‐term measurements at this site include snow
depth, snow water equivalent, and streamflow [McCaughey,
1996; Woods et al., 2006], and since 2005, tower‐based
measurements of ecosystem fluxes and micrometeorology
over the lodgepole forest (measured at 30 m) and separately
over a riparian meadow (measured at 1.5 m). Tower‐based
measurements of interest to this study include ET measured by eddy covariance using a triaxial sonic anemometer
(CSAT3, Campbell Scientific, Logan, UT) and open‐path
infrared gas analyzer (LI7500, Licor Biosciences, Lincoln,
NE), air temperature and relative humidity (HMP45C,
Campbell Scientific), photosynthetically active radiation
(PAR, LI190, Licor Biosciences), net radiation (CNR1, Kipp
and Zonen, Delft, Netherlands), and precipitation (tipping
buckets, TE525, Texas Electronics, Dallas, TX). Standard tilt
correction, spike filtering, sonic anemometer virtual temperature correction, and Webb correction were performed
on half‐hourly eddy covariance fluxes [Webb et al., 1980;
Schotanus et al., 1983; Kaimal and Finnegan, 1994; Paw U
et al., 2000]. Tower‐based micrometeorological measurements were complemented by nests of soil instruments (three
per tower) measuring soil temperature at 2.5 and 7.5 cm
(Thermocouple, Omega Engineering, Stamford, Conn.), soil
heat flux at 5 cm (HFT3, Radiation and Energy Balance
Systems, Inc., Seattle, WA), and soil moisture integrated over
0–30 cm using time domain reflectometry (CS616, Campbell
Scientific). Separate CS616 probes were also used to measure
soil moisture near each tower at 20 cm below ground.
[10] At the beginning of the study period and approximately 3 weeks after snowmelt ended five weather stations (HOBO Micro Station, Onset Computer Corporation,
Bourne, MA) were installed in the watershed to provide
additional input data for the watershed model. These weather
stations measured air temperature and relative humidity at
1 m above the ground surface. Two of the five weather stations measured precipitation using additional tipping buckets.
In addition to meteorological data, leaf level ecophysiological
data were collected at regular intervals (two to three times per
week) from 30 m × 30 m sampling plots surrounding each
station using a portable photosynthesis system (LI6400, Licor
Biosciences) following the methods of Norman et al. [2006].
Leaf chamber measurements (3157 total measurements)
collected from the plots were used to estimate parameters for
the leaf level ecophysiological model (section 2.3) for two
general vegetation types in the watershed, namely conifers
and grasses/forbs using nonlinear regression as described by
Emanuel et al. [2007a]. Leaf chamber measurements were
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accompanied by shallow (0–20 cm) soil moisture measurements using a handheld TDR probe (HydroSense, Campbell
Scientific). Together, these seven stations (two flux towers
and five weather stations) cover the major combinations of
elevation, aspect, and vegetation type present in the Stringer
Creek watershed (Figure 1).
2.2. Remote Sensing of Topography and Vegetation
[11] In September 2005, airborne light detection and
ranging (lidar) measurements were collected over approximately 50 km2 of the TCEF, including the upper Stringer
Creek watershed by the National Center for Airborne Laser
Mapping (NCALM, Berkeley, CA). First return (canopy top)
and last return (bare earth) elevations were recorded as discrete point data and interpolated to 1 m2 digital elevation
models (DEMs) in postprocessing. Two model inputs were
derived from the lidar data: a topographic index and an index
of vegetation height. The topographic index (TI) was calculated from the bare earth DEM (Figure 1a). The digital
elevation model was coarsened from 1 to 5 m2 horizontal resolution using bilinear interpolation, and TI was
computed as
TI ¼ ln

a
;
DI

ð1Þ

where a is the specific area contributing to flow through a
point in the watershed computed following the algorithm of
Seibert and McGlynn [2007], and DI is the downhill index,
an alternative to the local slope that considers topographic
concavity downhill of each point by determining how far
downhill a parcel of water must travel to lose a certain amount
of potential energy [Hjerdt et al., 2004]. In this watershed, the
main advantage of DI over local slope is the ability to use a
high resolution DEM without introducing unrealistic sensitivity of flow to microtopography. Thus, DI provides an
improved representation of topographic influences on flow in
this watershed over the local slope.
[12] In addition to TI, an index of vegetation height Zveg
was calculated as the difference in elevation between the
first and last lidar returns (i.e., the difference between the
canopy top elevation and the ground surface elevation),
which was coarsened from 1 to 5 m2 using bilinear interpolation (Figure 1b). Similar lidar‐derived vegetation height
indices have been shown to accurately represent ground‐
based measurements of vegetation height [Dubayah and
Drake, 2000; Lefsky et al., 2002]. Spectral data were not
available to discriminate between vegetation types (trees
versus grasses/forbs); thus grid cells having Zveg > 0.5 m
were classified as conifers, and cells having Zveg ≤ 0.5 m
were classified as grasses/forbs. In addition to classification,
Zveg was used to derive leaf area index (LAI), a necessary model input, using site‐specific allometric relationships
given by Keane et al. [2005] for lodgepole pine at TCEF. For
grass/forb grid cells, we estimated LAI to be 1.0 m2 m−2. We
treated LAI as static through the model simulation period.
2.3. Model Framework
[13] A model of land‐atmosphere exchange was developed
to simulate coupled hydrological and ecological processes
through time as functions of spatially heterogeneous soil,
vegetation, and micrometeorological conditions. The model
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simulated soil moisture as well as water fluxes from the
catchment, including evapotranspiration and runoff.
[14] For the spatially distributed modeling of water fluxes
through the soil‐plant‐atmosphere continuum, we developed
and used a spatially extended Soil‐Vegetation‐Atmosphere‐
Transfer (SVAT) model. This type of model can provide
reliable estimates of ET because it can account for heterogeneity of ET at spatial scales below that of the footprint of
flux towers typically used to measure surface water vapor
and energy fluxes; however, spatially distributed information about land cover and hydrometeorological conditions is
required. This type of model has seen broad use in recent
years [e.g. Famiglietti and Wood, 1994; Houser et al., 1998;
Boegh et al., 2004; Scanlon et al., 2005; Detto et al., 2006].
Detailed SVAT models may scale ET from leaf to landscape
scale by applying spatially distributed data to biophysical
and energy balance calculations that determine evaporation
and transpiration separately. Tower‐based measurements of
ET may then serve to constrain and validate spatially averaged model estimates. Our SVAT modeling framework
includes a TOPMODEL‐based subsurface flow and runoff
component [Beven and Kirkby, 1979] adapted from Scanlon
et al. [2005] coupled with an ecohydrological model of stomatal conductance. Together, TOPMODEL and the ecohydrological model are used to determine the water balance
for each grid cell in the watershed
d
1
¼
ð I  ET  qv  q1 Þ;
dt drz

ð2Þ

where  is root zone soil moisture, drz is the depth of the root
zone, I is infiltration, ET is evapotranspiration, qv is vertical
soil water drainage, and ql is lateral soil water drainage.
TOPMODEL estimates groundwater discharge, root zone
(unsaturated) discharge, and overland flow based on a conceptual framework of topographic similarity as defined by the
topographic index (equation (1)), and these discharges may
be combined to simulate total runoff from the watershed [e.g.,
Scanlon et al., 2005].
[15] The ecohydrological model calculates vegetation stomatal conductance and transpiration based on a framework
for modeling the dynamic threshold for water stress presented by Emanuel et al. [2007a]. Calculating the dynamic
threshold for water stress requires that stomatal conductance
be modeled as two separate processes, a soil moisture‐
independent process where stomatal conductance is a function
of the biochemical demand for carbon (i.e., photosynthesis),
and a soil moisture‐dependent process where stomatal conductance responds to plant hydrodynamics.
[16] We derived a moisture‐independent, biochemical
model of stomatal conductance by combining a Farquhar‐
type photosynthesis model [Farquhar et al., 1980; Collatz
et al., 1991] with a modified Ball‐Woodrow‐Berry model
of stomatal conductance [Ball et al., 1987; Leuning, 1995].
This model assumes similarity among biochemical processes
of C3 plants and is also based on a semiempirical relationship
between photosynthetic assimilation rate and stomatal conductance. The resulting model of stomatal conductance does
not account for the effect of water stress induced by soil water
deficit.
[17] For the hydrodynamic model of stomatal conductance,
we selected a steady state model of soil‐plant water transfer
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with four physiological parameters [Gao et al., 2002]. This
model considers transpiration as the steady state balance
between two diffusion processes: transpiration is expressed as
diffusion of water vapor between the water‐saturated stomatal cavity and the atmosphere, and soil to leaf water flux
is expressed as a laminar flow driven by water potential
gradients between the soil and leaf. Leaf water potential is
related to stomatal conductance by assuming a linear (elastic)
dependence of guard cell deformation on leaf water potential, where osmotic potential is expressed as a semiempirical
function of PAR [Gao et al., 2002; Buckley et al., 2003;
Emanuel et al., 2007a]. Although this semiempirical relationship between PAR and conductance has been criticized
for lack of causality [Buckley et al., 2003], the model is
parsimonious compared to other hydrodynamic models of
stomatal conductance, which may include 20 or more parameters, and it captures the main factors and processes that
determine moisture controls on stomatal function.
[18] Using the framework by Emanuel et al. [2007a], stomatal conductance is calculated as the minimum between the
values obtained with the moisture‐independent biochemical
model and with the hydrodynamic model. This approach
accounts for limitations arising both from soil water availability and photosynthetic capacity, and for the switching
between these two controls. We used model values of stomatal conductance to calculate transpiration, which was, in
turn, included in the calculation of soil moisture availability
for the next time step. This approach also facilitates calculation of the dynamic threshold of vegetation water stress
(y *), which is the soil water potential where switching occurs
between biochemical and hydrodynamic stomatal control.
The water stress threshold is calculated following Emanuel
et al. [2007a] as
y* ¼



gs 1 þ kg dv  g0m  k Q
;
ky

ð3Þ

where dv and Q are vapor pressure deficit and PAR, respectively, gs is biochemically limited stomatal conductance, and
the remaining terms (kbg, g0m, kab, and ky ) are parameters
from a hydrodynamic model of stomatal conductance. The
status of vegetation water stress may be determined by
comparing y * to actual soil water potential, y s (i.e., vegetation is stressed if y * exceeds y s).
[19] The combined SVAT model simulates volumetric
soil water content in the root zone (estimated to be 60 cm
deep based on observations from soil pits and from excavations for the flux tower foundation in 2005) by solving the
soil water balance equation for every 5 m grid cell at 30 min
time steps. Given micrometeorological inputs and initial
states of root zone soil water content and catchment discharge (determined from field observations of soil moisture
and discharge), the model estimates discharge (groundwater,
root zone, and overland flow discharges) and transpiration
using the previously described ecological and hydrological
modeling frameworks. The model calculates evaporation
of canopy and litter interception and litter moisture (from
a single, lumped pool at each grid cell) using the direct
Priestley‐Taylor method [Priestley and Taylor, 1972] of
determining potential evapotranspiration (PET) and considering evaporation to be the minimum of PET and available water from this pool.
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[20] This modeling framework makes a few assumptions
and simplifications concerning homogeneity of soil texture,
soil thickness, and rooting depth, with important implications for the texture‐based relationships between volumetric
soil water content and actual soil water potential y s, the
calculation of soil moisture dynamics, and water controlled
stomatal conductance (hydrodynamic submodel). Moreover,
by assuming static ecological structure (e.g., no biomass
accumulation, litterfall, nutrient cycling), we ignore seasonal
changes as plants allocate carbon to new growth or experience senescence. This assumption is reasonable based on
the short length of this study (72 days) relative to the slow
growth of lodgepole pines in subalpine ecosystems [see Ryan
and Waring, 1992]. Finally, ET modeled at any individual
point is subject to uncertainty because we assume simple
canopy aerodynamics by calculating both the canopy boundary layer resistance and aerodynamic resistance (to water
vapor) based on spatial interpolation over complex terrain
of wind velocity measurements collected at two points.
[21] Of the model parameters, drz was estimated by direct
observation of soil depths from excavated pits. Other soil
parameters, including field capacity and porosity were estimated from the time series of soil moisture measured at the
forest flux tower. The TOPMODEL groundwater recession
parameter was determined using the recession curve analysis of Scanlon et al. [2000], applied to the Stringer Creek
hydrograph during the study period. Surface interception
storage was approximated based on leaf area index. All of
the stomatal conductance model parameters were estimated
using nonlinear regression analysis applied to leaf chamber
measurements described in section 2.1. Three remaining
TOPMODEL parameters (saturated hydraulic conductivity,
fraction of root zone discharge lost as vertical drainage,
and a soil‐specific decay constant for unsaturated hydraulic
conductivity) [see Scanlon et al., 2005] were calibrated by
minimizing the squared error between observed and modeled
stream discharge during the study period.
2.4. Atmospheric Data
[22] We framed this model in a spatially explicit fashion,
meaning that all atmospheric, soil, topographic, and vegetation inputs were distributed over the entire watershed at
5 m2 resolution (for a total of 2.4 × 105 grid cells), and model
algorithms were evaluated for each grid cell rather than for
bins of similar grid cells. Others [Famiglietti and Wood,
1994; Houser et al., 1998] have adopted this approach
when considering spatial heterogeneity of multiple environmental factors. Precipitation, air temperature, relative humidity, and horizontal wind speed measurements from the flux
towers and weather stations, spanning ranges of elevation,
aspect and vegetation cover within the Stringer Creek watershed, were interpolated to a 10 m2 grid using the Spatial
Observation Gridding System (SOGS) [Jolly et al., 2005].
These grid cells were subdivided to match the resolution of
the 5 m2 topographic and vegetation inputs. This interpolation scheme was designed to be independent of the spatial
scale of the input data, and it was found to have an absolute
uncertainty of less than 2.0°C for temperature and less than
3 mb for atmospheric vapor pressure for continental scale
measurements interpolated to a few kilometers [Jolly et al.,
2005]. Prior to using the SOGS input variables we verified
the accuracy of this interpolation method by removing,
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individually, each of the two flux towers (forest tower and
riparian tower) from the SOGS processing and comparing
time series of atmospheric measurements from the removed
tower to time series data for the tower’s location interpolated
from the remaining six weather stations. In each case, we
found that SOGS, even when reduced by one input station,
was at least as accurate as and typically more accurate than the
nearest weather station at reproducing air temperature, relative humidity, and atmospheric vapor pressure deficit at the
tower. Precipitation and horizontal wind speed interpolations
were not assessed because these input variables were not
measured at all seven sites. Additional details of the SOGS
verification are found in section 3.1 of this paper.
[23] Photosynthetically active radiation and net radiation
were assumed spatially homogeneous at the top of the
vegetation canopy; however, we approximated the effects
of topography on these variables using a terrain‐based hillshading algorithm [Kumar et al., 1997; Pierce et al., 2005] to
scale radiation and account for differential topographic
shading during morning and afternoon hours. We also used
a simplified two big‐leaf approximation [Dai et al., 2004]
based on lidar‐derived vegetation heights to simulate the
effects of shading and attenuation of radiation vertically
within the canopy.
[24] We also simplified the complex relationships among
surface heat fluxes, air temperature, and canopy temperature
[Campbell and Norman, 1998] after comparing measurements of air temperature to canopy surface skin temperature
taken at the forest and meadow flux towers with temperature‐
corrected infrared thermometers (IRTS‐P, Apogee Instruments, Logan, UT). For both sites, regressions between
30 min averages of air and surface temperatures were highly
correlated (R2 = 0.91 for forest, R2 = 0.82 for meadow),
their slopes were statistically indistinguishable from unity
(P < 0.05), and their intercepts were statistically indistinguishable from 0 (P < 0.05). For this reason, we used air
temperature to represent average canopy temperature for each
half hour of the study period.
[25] We used friction velocity (u*), derived from turbulence measurements at the 30 m forest flux tower to estimate
the canopy boundary layer resistance to water vapor (rb)
following Hicks et al. [1987] and Fuentes et al. [1994] as
rb ¼

 2
2 Sc =3
;
ku* Pr

ð4Þ

where k is the von Kármán number, Sc is the Schmidt number
for water vapor in air, and Pr is the Prandtl number. Aerodynamic resistance to water vapor transfer was calculated by
applying flux tower‐based stability corrections for the logarithmic wind profile to neutrally stable wind profiles computed from interpolated wind velocity data [see Emanuel
et al., 2007a].
[26] Key features of this SVAT model include (1) calculation and incorporation of a dynamic threshold for vegetation water stress, (2) use of lidar‐derived topographical
and vegetation structure information, (3) use of the downstream index in the calculation of TI, and (4) spatial interpolation of point‐based meteorological variables using SOGS.
This modeling strategy makes a number of common assumptions and simplifications, yet assimilates a wide range
of spatially distributed environmental data to characterize
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Table 1. Assessment of SOGS Interpolation of Meteorological
Variables for the Two Flux Tower Sites
"1′ (Baseline: Mean
Observation)

MAE

"1′ (Baseline:
Other Tower)

Tair
RH
VPD

3.84°C
14.50%
4.42 mb

Forest Tower
0.07 (±0.05)
0.02 (±0.07)
0.13 (±0.05)

−0.02 (±0.02)
0.13 (±0.02)
0.00 (±0.02)

Tair
RH
VPD

1.96°C
10.30%
2.40 mb

Riparian Tower
0.68 (±0.01)
0.55 (±0.02)
0.65 (±0.02)

0.48 (±0.02)
0.37 (±0.02)
0.43 (±0.02)

ecological and hydrological responses to environmental
controls at high temporal resolution.

3. Assessment of Model Performance
3.1. Assessment Methods
[27] Since no method exists for measuring vegetation water
stress directly at the spatial or temporal scales represented by
the model, we assessed the validity of the model using outputs
that could be measured directly (ET and stream discharge),
and we also considered these validation results to represent
the model’s ability to track vegetation water stress. We validated the model at two time scales using three different
approaches, each utilizing independent measures of hydrologic conditions within the watershed. At the 30 min time
scale, we compared watershed‐averaged ET to eddy covariance measurements of ET above the lodgepole forest. This
validation method assumes that the flux footprint of the
tower is large enough to represent the variability of ET across
the study watershed. A conservative estimate of the upwind
extent of the flux footprint of 3 km, based on an instrument
height of 30 m and a general southerly wind direction, suggests that, in general, the area contributing to the measured
flux contains the study site and similar forested areas and
terrain. This method tests the ability of the model to capture the short‐term response of vegetation to fluctuations in
atmospheric and soil conditions. Also at the 30 min time
scale, we compared simulated soil moisture in the root zone
(0–60 cm) to actual measurements of root zone soil moisture
collected from the moisture probes buried near each flux
tower at 20 cm below the surface. For each set of observed O
and simulated S variables, we used two measures of model
performance. First, the mean absolute error (MAE) was calculated for the time series of length N as
MAE ¼ N 1

N
X

jOi  Si j;

ð5Þ

i¼1

following Legates and McCabe [1999]. This measure provides an estimate of model performance in absolute units that
have relevance to the system under consideration. Second,
a comparative measure of model performance, the adjusted
coefficient of efficiency, "1′ was calculated as
N
P

"10 ¼ 1 

where O 0 may be either the mean of observations or a time
trend of observations (which could also be another model
simulation) with 95% confidence intervals for the statistic
derived from percentile method bootstrapping using 100
realizations [Legates and McCabe, 1999]. A value of 0 for
"1′ means that the model performed equally as well (i.e.,
explained as much variation) as O 0 . Positive values of "1′
indicate improvements over, O 0 and negative values of "1′
indicate that the model performed worse than O 0 . In an
application such as this one, comparison of modeled residual
to time trend residuals provides a more powerful indicator of
model performance than comparison against residuals from
the mean observed value. For example, observed discharge
decreases almost monotonically through the growing season;
substitution of a parametric trend for O 0 in equation (6) yields
a more meaningful measure of the model’s performance
versus that trend rather than versus mean discharge.
[28] As another example, when verifying the accuracy of
the SOGS weather interpolation, we compared a time series
of observations from the riparian flux tower (O) to a time
series at this site based on SOGS interpolation of data from
the remaining six sites (S). Table 1 shows mean absolute
errors for each tower site and adjusted coefficients of efficiency for each tower site, compared to baselines (O 0 ) of
both the observational mean and a time series of data from
the other flux tower. For each variable tested (air temperature, relative humidity, and atmospheric vapor pressure deficit) "1′ reveals that SOGS interpolation is (1) significantly
better at predicting each variable than the mean observed
value from each site (with the exception of RH at the forest
flux tower, where SOGS was not significantly better than
mean observed RH from this site) and (2) at least as accurate
as using data from one flux tower to represent another location within the watershed. The SOGS algorithm performed
better for the riparian tower than for the forest tower because
the riparian tower was surrounded by meteorological stations,
whereas the forest tower had no meteorological stations to the
north or west to bound the interpolation (Figure 1). These
comparisons are based on SOGS interpolation from only
six of the meteorological stations; for the full simulation, all
seven meteorological stations were used (five HOBO weather
stations and two flux towers).
[29] We used MAE and "1′ to compare model simulations
of half‐hourly and total stream discharge during the study
period to actual stream discharge measured by a U.S. Forest
Service stream gage at the watershed outlet. We also compared the model estimate of total ET during the study period
to actual ET measured by the forest flux tower. These comparisons assess the ability of the model to represent accurately the seasonal hydrologic balance of the watershed,
and they provide an estimate of closure between observations
and simulations of the major terms in the catchment water
balance.
[30] We expressed vegetation water stress for average
watershed conditions and for individual grid cells as a probability that y * would exceed the soil water potential (y s)
derived from modeled soil moisture using the Clapp and
Hornberger [1978] relationship
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Figure 2. (a) Precipitation observed during the 2006 growing season within the Stringer Creek watershed. (b) Observed (solid line) and modeled (dashed line) stream discharge at the outlet of Stringer Creek.
(c) Observed soil moisture at 20 cm depth on a forested hillslope (solid line) and modeled, watershed‐
average soil moisture  (dashed line). (d) Observed (solid line) and modeled (dashed line) evapotranspiration within the watershed.
where y Sat is the saturation soil water potential, n is porosity,
and b is a soil‐specific parameter. To account for uncertainty
in both the TOPMODEL‐derived soil moistures and the
conversion from soil moisture to water potential, we used a
500‐iteration Monte Carlo simulation to determine a range
of likely soil water potential values for average watershed
conditions and for each grid cell. For each iteration, the three
parameters of equation (7) were selected from uniform distributions based on the range of variability for sandy loam
soils documented by Clapp and Hornberger [1978]. The
probability of water stress for a grid cell during a particular
half‐hour was calculated as the fraction of the 500 iterations
in which y * exceeded y s or P(y * > y s). This value represents
the likelihood that water stress occurs at each point in the
watershed under present soil and atmospheric conditions,
given uncertainty in our estimate of y s. For the analysis of
temporal controls on watershed ecohydrology, we considered
P(y * > y s) for the average, watershed‐wide soil moisture at
each time step, Pðy * > y s Þ. We also computed P(y * > y s)
for the 25th and 75th percentiles of soil moisture at time step
to determine a realistic range of variability for Pðy * > y s Þ.
For the analysis of spatial controls on watershed ecohydrology, we considered P(y * > y s) for the time‐averaged soil
moisture conditions at each grid cell in the model, hP(y * >
y s)i. Finally, we evaluated the statistical significance of
comparisons between water stress conditions using two‐
sampled Kolmogorov‐Smirnov tests to evaluate differences
among cumulative probability distributions and Wilcoxon
rank‐sum tests to evaluate differences among group medians.
Both tests provide P values (PKS and PW) useful for assessing
statistical significance.
3.2. Model Performance and Hydrologic Balance
[31] For the entire time series, "1′ for modeled ET was
0.44 (±0.04) when compared to a baseline of mean observed
ET (Figure 2), meaning that at the half‐hourly time scale the

model significantly outperformed the mean value of ET.
Furthermore, the MAE between observed and simulated
half‐hourly ET was 0.06 mm h−1, or 1.5 mm d−1. For the
entire study period, our SVAT model estimated a total
ET loss of 215 mm (46 mm of which was evaporation and
169 mm of which was transpiration), and the forest flux
tower measured 213 mm of total ET during the same period.
During the 72 day study period, 60 mm of precipitation fell
over the study site (Figure 2a), most of which was evaporated from interception storage or litter before infiltrating
into the soil. Very little precipitation infiltrated into the root
zone relative to the amount of water removed from the root
zone by transpiration, which is consistent with earlier findings that snowmelt is the only significant source of soil
moisture recharge in subalpine forests of the western United
States [Running, 1980].
[32] We also compared simulated half‐hourly runoff,
Qsim, with half‐hourly observations of runoff, Qobs, at the
watershed outlet and found that the model simulated the
observed hydrograph rather well (Figure 2b). For the entire
time series, "1′ for Qsim was 0.69 (±0.02) when compared
to the mean of half‐hourly Qobs. The MAE between Qsim
and Qobs during the study period was 0.002 mm h−1 or
0.04 mm d−1. For the entire study period, our SVAT model
estimated total runoff to be 16 mm, whereas measured runoff totaled 18 mm. Thus, for the Stringer Creek watershed
runoff is an order of magnitude smaller than ET during the
growing season. Observations of ET and stream discharge
corroborate these model results. Clearly, ET is the dominant
watershed scale hydrological flux during the snow‐free
growing season.
[33] Assessing the validity of simulated soil moisture
(Figure 2c) is difficult due to spatial variability inherent in
this variable [Western et al., 1999]. We selected two points
within the watershed to compare time series of simulated
and observed soil moisture. The two points, corresponding
to a forested hillslope and a relatively flat riparian meadow,
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Figure 3. Daytime mean of watershed‐averaged probability of water stress P(y * > y s) (open circles) shown with
daytime means of vapor pressure deficit (triangles) and volumetric soil moisture (squares). Vapor pressure deficit and
volumetric soil moisture have been rescaled from 0 to 1
for plotting on a single axis. Gray area shows range of
P(y * > y s) calculated from 25th and 75th percentile of 
at each time step.
were selected for comparison because they represent the two
predominant ecosystems within the Stringer Creek watershed. We compared simulated soil moisture  at the forested
grid cell to moisture probe measurements at 20 cm below
the surface and found "1′ to be 0.28 (±0.04) compared to
a baseline of mean observed soil moisture at this site and
MAE of 0.03 m3 m−3. Simulated soil moisture at this grid
cell declined nearly twice as much (0.28 m3 m−3) during the
study period as observed soil moisture (0.16 m3 m−3). Despite
a low coefficient of efficiency for simulated soil moisture
at this forested hillslope location, simulated and measured
soil moistures are highly correlated over time (R2 = 0.97).
[34] We also compared simulated  for a grid cell representing a portion of the riparian meadow to measurements
from a moisture probe buried at 20 cm. Here we found, "1′ to
be 0.61 (±0.02) compared to a baseline of mean observed 
at this site, and MAE of 0.03 m3 m−3. Simulated and measured  were highly correlated at this site as well (R2 = 0.95).
For the meadow site, we also found that the model provided a
marginally better estimate of  than simply using observations of  from another site ("1′ was 0.05 ± 0.04 compared to a
baseline of soil moisture from the forested hillslope location).
In other words, modeled  was, in general, more realistic than
extrapolating forested hillslope  across the entire watershed.
[35] To understand how well TOPMODEL represented
soil moisture dynamics across the watershed in general, we
combined shallow soil moisture measurements from five of
our seven sampling plots with shallow soil moisture measurements from 53 additional sites collected during the same
growing season for a separate study (D. A. Riveros‐Iregui,
B. L. McGlynn, L. A. Marshall, D. L. Welsch, R. E.
Emanuel, and H. E. Epstein, A watershed‐scale assessment
of a process soil CO2 production and transport model,
submitted to Water Resources Research, 2010) to create a
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data set of shallow soil moisture statistics from 58 sampling
sites distributed throughout the upper Stringer Creek watershed. We compared the mean and interquartile range of
growing season soil moisture (as a conservative measure of
total growing season soil drainage) at each site to lidar‐
derived TOPMODEL variables a, DI, and TI (equation (1)).
We found significant pairwise correlations between mean soil
moisture and TI, and mean soil moisture and DI for the data
set (Spearman’s r = 0.45, p < 0.01 for TI; Spearman’s r =
0.47, p < 0.01 for DI). We also found significant pairwise
correlations between the interquartile range of soil moisture
and both TI and DI (Spearman’s r = 0.41, p < 0.01 for TI;
Spearman’s r = 0.41, p < 0.01 for DI ). These results, along
with observed correlations between actual and simulated soil
moistures at both the forested hillslope and riparian meadow
sites, indicate that TOPMODEL characterizes the seasonal
dynamics of the soil water balance in this system and the
spatial heterogeneity of soil moisture, suggesting that our soil
moisture model provides a useful basis for further analysis of
spatial and temporal controls on watershed ecohydrology.

4. Results and Discussion
4.1. Temporal Controls on Watershed Ecohydrology
[36] Here we investigate temporal controls on average
vegetation water stress conditions within the watershed and
provide a context for evaluating controls on average ET
within the watershed. The average grid cell within the watershed did not experience water stress, for approximately the
first half of the study period (Figure 3). Beginning around
day 209 Pðy * > y s Þ began to rise, indicating a gradual
increase in vegetation water stress throughout the entire
watershed. Thus, the growing season may be separated into
two regimes: one characterized by a general absence of vegetation water stress within the watershed (Pðy * > y s Þ ≈ 0)
and the other characterized by gradually increasing water
stress (Pðy * > y s Þ > 0). The pattern of Pðy * > y s Þ in
Figure 3 does not mirror that of watershed‐averaged ,
suggesting that soil moisture alone does not fully represent and explain the emergence of water stress conditions
Pðy * > y s Þ; rather, some combination of  and atmospheric
controls (represented in Figure 3 by VPD) are acting on vegetation to create a watershed scale stress response manifested
as two distinct regimes. Indeed, by definition Pðy * > y s Þ is
determined both by soil moisture (because of its direct relationship to y s) and by atmospheric controls, which combine with vegetation‐specific characteristics to determine y *
[Emanuel et al. 2007a].
[37] Evaluating differences in hydrologic and atmospheric
conditions between the two regimes helps to reveal the processes responsible for determining the status of the watershed with respect to vegetation water stress. Two‐sampled
Kolmogorov‐Smirnov (KS) tests and Wilcoxon rank‐sum
tests indicate that distributions and median values of modeled ET, , VPD, PAR, and air temperature are all significantly different between the unstressed and stressed regimes
(Table 2). Differences are reported in standard deviation units
for each flux and state variable. The decrease in modeled ET
may be considered the response of the watershed to the onset
of vegetation water stress, whereas changes in other variables
are due to the dependence of y * on soil moisture, light
and VPD, and the direct effect of  on y s. As Figure 3 indi-
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Table 2. Comparison of Unstressed Versus Stressed Conditions
for the Upper Stringer Creek Watersheda

ET

Tair
VPD
PAR

KS

D (s)

rUNSTRESSED

rSTRESSED

Dr

0.11
0.98
0.10
0.08
0.06

−0.21
−1.76
−0.12
0.11
−0.10

–
−0.03b
0.75
0.72
0.92

–
0.13
0.68
0.65
0.91

–
0.13
−0.07
−0.07
−0.01

a
P < 0.05, unless otherwise noted. KS, Kolmogorov‐Smirnov statistic;
D, difference between stressed and unstressed conditions in standard
deviation units; r, correlation between variable and ET; Dr, difference
between stressed and unstressed correlations.
b
P = 0.15.

cates,  (and thus y s) is most different between stressed and
unstressed regimes. However, differences in atmospheric
variables are also important when defining these two regimes
considering the definition of y * as the soil water potential
required to balance the atmospheric demand for water
vapor with the rate of CO2 uptake prescribed by atmospheric
conditions [Emanuel et al., 2007a]. Although decreasing air
temperature and PAR decrease the capacity for CO2 uptake
by vegetation late in the growing season, continued increases
in VPD offset the effect of PAR and air temperature on stomatal conductance and result in an overall rise in y * during
the growing season. Continually decreasing y s combined with
increasing y * results in an overall increase in Pðy * > y s Þ
late in the growing season.
[38] Another difference between the unstressed and stressed
regimes is the correlation between watershed‐average ET
and micrometeorological variables (Table 2). The correlation between ET and  increases from unstressed to stressed
conditions within the watershed, whereas the correlation
between ET and atmospheric variables (i.e., VPD and Tair)
decreases from conditions of no water stress to conditions of
stress. Thus the transition from unstressed to stressed vegetation is marked by a shift in the functional control of ET
from predominantly atmospheric factors and no significant
soil moisture control (representing capacity for CO2 uptake
and atmospheric demand for water) to reduced atmospheric
control and significant soil moisture control. Not only does
the correlation between ET and  appear at the onset of water
stress, but it also strengthens with Pðy * > y s Þ (Figure 4),
accompanied by a decrease in correlation between ET
and atmospheric demand (represented by VPD) decreases
(Figure 4). We emphasize here that these correlations are based
on observations from the forest flux tower that have been partitioned using modeled levels of catchment‐wide water stress.
[39] These patterns of changing correlation suggest that
during the growing season, watershed‐averaged water stress,
and thus watershed‐averaged ET are subject to a shift from
demand‐limitation (controlled by atmospheric variables) to
supply limitation (controlled by ) as the soil water supply
decreases relative to the atmospheric demand. As a result
ET, which is not limited by  early in the season, increases
with VPD even as  declines during the unstressed regime.
However, once  is insufficient to meet the atmospheric
demand for moisture when stomatal conductance is maximized for CO2 uptake (a definition of vegetation water stress),
ET declines as stomatal conductance is reduced to maintain a
sustainable flow of water through the soil‐plant‐atmosphere
continuum. Indeed, watershed‐averaged, modeled stomatal

Figure 4. Spearman’s coefficient of correlation (r)
between daytime means of vapor pressure deficit (gray bars)
and ET and volumetric soil moisture (black bars) and ET for
bins of P(y * > y s). Asterisk indicates no significant difference between levels.
conductance declined by >10% between the unstressed and
stressed regimes (PW = 0.04, PKS < 0.01). One effect of
these shifting controls on the functional relationship between
ET and  is a decrease in ET at both high and low extremes
of soil moisture (Figure 5), likely due to low atmospheric
demand for moisture (during rainy periods when soil moisture is relatively high [e.g., Kumagai et al., 2004]) or high
water stress (during times of low moisture) leading to the
pattern of high ET at intermediate soil moisture explained by
Emanuel et al. [2007b].
4.2. Spatial Controls on Watershed Ecohydrology
[40] Here we use spatially distributed water stress to
evaluate the effects of topography and vegetation on spatially
distributed ET within the watershed. To do this, we use the TI

Figure 5. Middday ET (black circles) and daytime range
of ET (gray area) as a function of volumetric soil moisture
during stressed and unstressed catchment conditions. The
vertical line shows the soil moisture level that divides
stressed and unstressed conditions, defined as regions where
P(y * > y s) > 0 (stressed) or P(y * > y s) = 0 (unstressed).
Midday P(y * > y s) values are shown as black cross marks.
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Figure 6. Model simulations of the (a) average soil moisture and (b) total ET distributed throughout the
Stringer Creek watershed.
and Zveg as indicators of topography and local vegetation
conditions at each 5 m × 5 m grid cell, respectively. Mean
growing season soil moisture (, Figure 6a) and total growing
season ET (SET, Figure 6b) appear to follow the spatial
organization of TI (Figure 1a) and Zveg (Figure 1b), respectively. At first glance, the difference between the spatial
organization of these two variables across the watershed
suggests that soil moisture does not control ET and that water
stress is not a controlling factor. However, despite the high
correlation between SET and Zveg (due to leaf‐to‐canopy
scaling based on Zveg), many forested grid cells (Zveg > 0.5 m)
have values of SET below the maximum value predicted
by Zveg‐scaling alone. In fact, the MAE between SET and a
linear regression model (c) based solely on Zveg is 51 mm, or
approximately 20% of total ET averaged across the watershed. Because the simple model c considers only tree height
and ignores the impact of soil moisture on SET, the model’s
residuals (c − SET) represent, in part, the degree to which
soil moisture, and thereby water stress, control ET within the
watershed.
[41] By plotting residuals (c − SET) as a function of
topography (i.e., TI) and vegetation (i.e., Zveg), the two
main sources of spatial heterogeneity within the watershed,
areas having low TI and high Zveg emerge as portions of the
watershed where ET is controlled by factors other than tree
height (Figure 7). These areas, which make up approximately 10% of the watershed and are characterized by relatively tall trees (high Zveg) and relatively dry soils (low TI),
have lower evapotranspiration than predicted by c (i.e.,
larger residuals). However, this does not mean that these
areas necessarily have low SET compared to the rest of
the watershed. On the contrary, because these areas contain
some of the tallest trees and greatest leaf area within the
watershed, average SET for these grid cells (330 mm) is
nearly double the average SET for the rest of the watershed
(180 mm). If not for water stress, the preceding analysis of
residuals suggests that these areas of the watershed would
contribute even more to total watershed ET. We evaluate

water stress in this portion of Figure 7 (i.e., areas with low
c − SET) by considering two spatially distributed metrics,
time‐averaged probability of water stress and the date of
water stress onset. This analysis highlights the importance of
considering water stress when using LAI or vegetation height
to scale ET between leaf and canopy scales. By scaling
modeled ET based on LAI, vegetation height or other structural variables without considering the soil and atmospheric
factors contributing to water stress, one runs the risk of
overestimating ET. In other words, any univariate relationship between ET and a structural scaling variable should be
considered an upper bound to the actual relationship between
ET and vegetation structure, made nonlinear by water stress.
[42] The time‐averaged probability of vegetation water
stress for each grid cell, hP(y * > y s)i, is correlated primarily
with soil moisture or, more precisely, with the sensitivity
of modeled  to TI (Figure 8a, note similarity to Figure 1a).
In contrast, the date of water stress onset for each grid
cell Dstress is correlated primarily with Zveg (Figure 8b, note
similarity to Figure 1b). The correlation between Dstress and
Zveg may result from the tendency of taller trees to have

Figure 7. Residuals of linear model c ‐ SET as a function
of TI and Zveg for the Stringer Creek watershed.
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Figure 8. Model simulations of (a) the average probability of water stress during the 2006 growing season and (b) the onset date of water stress for the Stringer Creek watershed.

more leaf area and transpire more water, thus depleting soil
moisture earlier in the season.
[43] Both hP(y * > y s)i and Dstress are useful for interpreting the overall impact of vegetation water stress on ET
and other hydrological processes within the watershed, particularly in the low‐TI, high‐Zveg region defined in Figure 7,
because these parts of the watershed contribute, on average, more evapotranspiration than the rest of the watershed
(Figure 9a). However, this region experiences significantly
higher hP(y * > y s)i than the rest of the watershed (Figure 9b).
Similarly, this region experiences significantly earlier Dstress
than the rest of the watershed (Figure 9c). This result confirms that tall trees on relatively dry hillslopes experience
more water stress than vegetation in other parts of the watershed, and they also encounter water stress at an earlier date.
Increased stress occurs in part because these trees transpire
more soil water than other vegetation in the watershed, and
also because the hillslopes on which they are located have, on
average, only 14% of the uphill contributing area of the rest of
the watershed. Thus, small contributing areas combine with
tall trees to create water stress, the result of which is to reduce
local evapotranspiration in areas of the watershed that already
contribute substantially to the water balance of this watershed. These results add to the growing body of evidence for
topographic control over vegetation water stress [e.g. Caylor
et al., 2005; Jasper et al., 2006] by introducing an ecophysiological basis for modeling spatially distributed water
stress and using these model results to interpret flux tower
observations.
4.3. Interaction of Temporal and Spatial Controls
[44] Model results and flux tower measurements indicate
that ET is the dominant watershed scale flux during both
the unstressed and stressed periods defined in section 4.1,

Figure 9. Differences in (a) total ET and (b) average water
stress and (c) onset date of water stress for locations where
Zveg > 5 m and TI < 8.5 (black line) and for the rest of the
watershed (gray line).
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Table 3. Comparison of Hydrological Fluxes During Unstressed
and Stressed Conditions Based on Average Watershed Conditionsa
Flux

Unstressed
(mm d−1)

Stressed
(mm d−1)

Percentage
Change

Precipitation
Transpiration
Evaporation
Total ET
Overland q
Rootzone q
Groundwater q
Total Qsim
d/dt

0.88
2.58
0.72
3.31
0.63 × 10−2
0.23
9.26 × 10−2
0.33
−2.76

0.72
1.98
0.53
2.51
0.01
0.15 × 10−2
8.75 × 10−2
0.10
−1.89

−18%
−23%b
−26%
−24%
+60%
−100%
−6%
−70%
−31%

a

P < 0.05, unless otherwise noted.
P = 0.10.

b

despite a decline in this flux during the stressed period of
the growing season (Table 3). Each of the other hydrological fluxes is reduced significantly during the water‐stressed
period of the snow‐free growing season. However, reduced
precipitation alone does not account for the decline in modeled hydrological fluxes between the unstressed and stressed
periods. Rather, a combination of reduced precipitation and
persistent loss terms (Qsim and ET) cause soil moisture to
decline and further affect loss terms that are, themselves,
dependent upon soil moisture. Groundwater discharge qgw
experiences only a small decline during the study period,
but it is a very small component of the hydrological balance
compared to other fluxes in Table 3 (with the exception of
being the dominant contributor to streamflow during the late
growing season). These model results are consistent with
recent observations by Jencso et al. [2009] that for Stringer
Creek, saturated groundwater flow is a small but persistent
flux and lateral, root zone flow is highly variable during the
growing season.
[45] By volume, ET experiences the greatest absolute
seasonal decline, whereas lateral root zone discharge (qrz)
experiences the greatest decline on a percentage basis (qrz
practically ceases before the end of the growing season.)
In fact, qrz declines to 5% of its average unstressed value
before day 209, the previously defined transition between
unstressed and stressed watershed average conditions. One
important aspect of qrz is that, as it nears zero, the lateral
redistribution of moisture within the root zone ceases. As
a result, soil moisture is no longer replenished by lateral
flow from uphill areas of the watershed and is essentially
decoupled from topographic control. These two conditions,
defined here by the presence or absence of root zone flow,
were described by Grayson et al. [1997] in terms of nonlocal control (presence of qrz) versus local control (absence
of qrz). In terms of this study, nonlocal control of ET is thus
characterized by a dependence on TI, and local control of
ET is characterized by a dependence on Zveg, where qrz values
close to zero mark the transition from nonlocal to local
control.
[46] Since the transition from nonlocal to local control of
ET within the watershed is determined by qrz, which is a
nonlinear function of  [Scanlon et al., 2005], it follows that
this transition is dictated by fluxes that both control  and
are dependent on its state. Evapotranspiration is the largest
of these fluxes during the snow‐free growing season and
therefore the largest sink for . Because of this, the transi-
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tion between nonlocal and local control is driven by spatial
controls on ET that remove moisture from the soil (e.g., TI
and Zveg) and also by temporal controls on ET such as VPD
and , both of which act directly on vegetation rather than
topography to influence ET. The result of the interaction
between spatial and temporal controls in this watershed is
a distribution of dates of water stress onset that is primarily correlated with Zveg and, to a much lesser extent, TI
(Figure 8b). Thus, an alternate interpretation of Dstress is as a
map of decoupling dates for atmospheric (demand) or soil
moisture (supply) control of ET and also as a map of transition dates from nonlocal (TI) to local (Zveg) control of ET.
Thus at the watershed scale, the timing of the transition from
demand‐limited ET to supply‐limited ET (a definition of
vegetation water stress) in response to temporally dynamic
environmental control is itself governed by temporally static
(at our time scale of interest) but spatially heterogeneous
landscape characteristics.

5. Conclusions
[47] We present a model of watershed ecohydrology that
combines a point‐scale land‐atmosphere exchange model
with a spatially distributed, modified TOPMODEL. The
model reproduces observed ET and streamflow, and it provides insight into the temporal and spatial controls on ecohydrological conditions within a northern Rocky Mountain
watershed. Specifically, the model simulates both watershed‐
averaged and spatially distributed vegetation water stress, and
it provides a mechanism for explaining observed patterns
in the response of ET to environmental controls during the
growing season. During the course of the growing season,
hydrological controls on ET shift from atmospheric factors
to soil moisture as VPD increases and  decreases. Total ET
during the growing season is affected both by TI and Zveg as
they interact to influence vegetation water stress, with areas of
tall vegetation (and high LAI) and small contributing area
seeing the largest decreases in ET. Model results indicate
that high LAI and small contributing areas both may lead to
shortages in soil moisture and reductions in ET, suggesting
that LAI alone should not be used as an indicator of seasonal
ET in areas where growing season water stress is likely.
[48] The onset of water stress represents a decoupling of
ET from the atmospheric control and a transition from nonlocal control to local control, but for any given location within
the watershed, the timing of this decoupling and transition depends on soil moisture status influenced primarily
by vegetation height (due to increased transpiration and soil
water loss) and secondarily by topography (due to drainage
and accumulation of soil moisture within the watershed).
Areas having tall vegetation and low topographic index
experienced the greatest water stress during the growing
season, yet they maintained some of the highest evapotranspiration rates in the watershed. This research investigates the
mechanisms by which spatially distributed vegetation has
the potential to interact with topographic controls and atmospheric controls on hydrological processes and affect not only
ET but soil moisture status and streamflow as well. It also
identifies regions of the forested watershed that are both large
contributors to the watershed scale ET flux and potentially
sensitive to changes in soil moisture availability. In environments such as the northern Rocky Mountains where water
stress has the potential to influence vegetation activity and
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where ET is a dominant watershed scale flux, the spatial
distribution of vegetation is an important characteristic with
implications for other watershed scale fluxes.
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